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to be linked to changes in the state of the Atlantic meridional overturning circulation (AMOC), i.e., a warm
interstadial/cold stadial state corresponds to a strong/weak AMOC. Based on a series of freshwater
hosing/extraction experiments with the state-of-the-art Community Climate System Model version 3, we
construct a global spatial ﬁngerprint of oceanic temperature anomalies in response to AMOC changes
under MIS3 boundary conditions. Highest sensitivity to AMOC changes, especially in summer, is found in
northeastern North Atlantic sea surface temperature, but a characteristic temperature ﬁngerprint is also
found at subsurface levels. After testing signiﬁcance of the linear sea surface temperature (SST)-AMOC
regressions, the model results are combined with paleo-SST records to estimate the magnitude of
millennial-scale Dansgaard-Oeschger AMOC variations during MIS3. The results suggest a mean difference
in AMOC strength between interstadial and (non-Heinrich) stadial states of 9.2 ± 1.2 Sv (1σ).

1. Introduction
The Atlantic meridional overturning circulation (AMOC) is a major component of the global climate system
regulating the distribution of heat as well as the cycling of carbon and other nutrients [e.g., Ganachaud and
Wunsch, 2000; Johns et al., 2011]. Due to its high relevance for the climate system, many studies attempted to
quantify changes in AMOC strength during the last glacial and deglaciation based on proxy records and climate
models [e.g., LeGrand and Wunsch, 1995; Winguth et al., 2000; Gebbie and Huybers, 2006; Lynch-Stieglitz et al.,
2007; Ritz et al., 2013]. Pronounced millennial-scale climate variability during marine isotope stage 3 (MIS3;
57–29 thousand years before present [ka B.P.]), characterized by transitions between cold stadials and warm
interstadials at northern latitudes [Dansgaard et al., 1993; Bond et al., 1993] and termed Dansgaard-Oeschger
(D-O) cycles, is most likely related to changes in AMOC strength [e.g., Keigwin and Boyle, 1999; Broecker, 2000;
Sarnthein et al., 2001; Elliot et al., 2002; Rahmstorf, 2002; EPICA Community Members, 2006]. A warm interstadial
state corresponds to a strong circulation, while a cold stadial state is characterized by a weak circulation.
Probably the most dramatic disruptions of the glacial AMOC are associated with massive layers of ice-rafted
debris in the North Atlantic during so-called Heinrich stadials [e.g., Broecker et al., 1992; Grousset et al., 1993;
Hemming, 2004; McManus et al., 2004].
Despite the importance of AMOC changes in shaping millennial-scale climate variability during MIS3, the
magnitude of changes in circulation strength necessary to cause stadial-interstadial climate transitions is not
known. Combining climate model simulations with marine proxy records, Ritz et al. [2013] recently presented an
estimate for AMOC variations during the last deglaciation based on a linear relationship between Atlantic
sea surface temperatures (SST) and AMOC strength. Their results suggest millennial-scale reductions in AMOC
strength of ~14 Sv (1 Sv = 106 m3/s) and ~12 Sv during Heinrich event 1 and the Younger Dryas stadial,
respectively. Here we adopt the strategy of combining SST reconstructions with climate model experiments to
estimate the magnitude of differences in AMOC strength between MIS3 stadial states and interstadial states.
To this end, we use a set of MIS3 freshwater hosing/extraction experiments using the comprehensive coupled
Community Climate System Model version 3 (CCSM3) [Xiao Zhang et al., 2014] to construct a global spatial
ﬁngerprint of oceanic temperature anomalies in response to AMOC changes. After testing the signiﬁcance of
linear temperature-AMOC regressions, we identify optimal locations for temperature reconstructions for an
estimate of MIS3 AMOC variability.
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2. Model Description and Experimental Design
The Community Climate System Model version 3 (CCSM3) is a global coupled general circulation model
(CGCM) consisting of the four components: atmosphere, land, ocean, and sea ice [Collins et al., 2006; Yeager
et al., 2006]. We use the atmospheric component (Community Atmosphere Model version 3) with T31
horizontal resolution (3.75° transform grid) and 26 levels in the vertical. The Community Land Model
(version 3) has the same horizontal resolution as the atmosphere and contains 10 subsurface soil levels.
New parametrizations of canopy interception and soil evaporation have been applied to the land model
[Oleson et al., 2008], and the Dynamic Global Vegetation Model [Levis et al., 2004] was activated in our
simulations [cf. Handiani et al., 2013; Mohtadi et al., 2014]. The ocean component (Parallel Ocean Program)
has 25 layers with layer thickness increasing from 8 m at the surface to around 500 m at the ocean bottom.
The nominal horizontal resolution is 3° with latitudinal grid reﬁnement of 0.9° around the equator and
the North Pole displaced over Greenland [cf. Smith et al., 1995]. The Community Sea Ice Model shares the
same horizontal resolution with the ocean component.
A MIS3 baseline simulation centered at 38 ka B.P. (time slice right in the middle of a rather regular
sequence of D-O cycles) was performed with 38 ka B.P. orbital forcing [Berger, 1978], corresponding
greenhouse gas concentrations of CO2 (215 ppmv), CH4 (501 ppbv), and N2O (234 ppbv) [Flückiger et al.,
2004; Spahni et al., 2005; Ahn and Brook, 2007; Bereiter et al., 2012], the 38 ka B.P. ICE-5G continental ice
sheet distribution [Peltier, 2004], as well as a correspondingly modiﬁed land-sea distribution (e.g., closed
Bering Strait due to a reduced sea level). Under these boundary conditions, 12 freshwater hosing/extraction
experiments were carried out which all branched off from the equilibrated MIS3 baseline simulation [Xiao
Zhang et al., 2014]. Different rates of continuous, unbalanced surface freshwater ﬂuxes (homogeneously
distributed over the Nordic Seas and treated as virtual salinity ﬂuxes) [e.g., Prange and Gerdes, 2006],
ranging from ± 0.005 Sv to ± 0.2 Sv (±0.005 Sv, ±0.01 Sv, ±0.02 Sv, ±0.04 Sv, ±0.1 Sv, and ±0.2 Sv), were
applied in these hosing (positive freshwater ﬂux into the ocean) and extraction (negative freshwater ﬂux)
experiments.
Integration times were 500–550 years for each hosing/extraction experiment. For further details on the
initialization of model simulations and integration lengths, the reader is referred to Xiao Zhang et al. [2014].
Analyses of the 13 (quasi-)equilibrium states are based on the last 100 year mean climatologies of
each experiment.

3. AMOC Response to Freshwater Forcing
In the 38 ka B.P. baseline run, the strength of the AMOC (deﬁned as the maximum of the meridional stream
function below 300 m in the North Atlantic Ocean) is around 15.4 Sv, which is ~1.5 Sv stronger than in a
modern (preindustrial) control run, with a southward ﬂow of North Atlantic deep water occurring at
shallower levels compared to modern [Xiao Zhang et al., 2014]. The inﬂow of warm and salty Atlantic water
from the south keeps large parts of the Nordic Seas ice free and maintains convection and deep water
formation during winter. The MIS3 baseline state is very sensitive with respect to minor freshwater
perturbations. The AMOC equilibrium response to freshwater forcing in our set of experiments reveals the
existence of a threshold by an abrupt drop in AMOC strength for North Atlantic freshwater forcing between
0.02 Sv and +0.02 Sv. A decrease to ~11 Sv of the AMOC strength in response to a weak positive
freshwater forcing of 0.02 Sv was simulated. In contrast, AMOC strength increases to ~17 Sv upon a
negative forcing of 0.02 Sv. The surface air temperature difference in central Greenland between these two
climate states is about 8 K in the annual mean [Xiao Zhang et al., 2014]. With the maximum freshwater
forcing in our experiments of +0.2 Sv, the AMOC drops to 4.9 Sv within ~150 model years. We note that this
magnitude of freshwater forcing is consistent with estimates of the order of magnitude of meltwater inﬂux
during Heinrich stadials [Hemming, 2004].

4. Ocean Equilibrium Temperature Response to AMOC Changes
Relative to the 38 ka B.P. baseline experiment, SST anomalies exhibit a bipolar seesaw pattern in all freshwater
hosing (extraction) experiments, featuring a general cooling (warming) in the Northern Hemisphere and a
warming (cooling) in the Southern Hemisphere due to a reduced (enhanced) northward heat transport in the
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Atlantic Ocean [Crowley, 1992; Stocker and Johnsen, 2003]. We determine the global ﬁngerprint of ocean
temperature anomalies in response to AMOC changes by linear least squares regression analysis using the
13 MIS3 equilibrium climate states. Signiﬁcance of the linear temperature-AMOC (i.e., temperature on
AMOC) regressions is tested by an ANOVA (analysis of variance) F test [e.g., Li, 1964; Davis, 1986].
At the surface, the strongest response (i.e., the largest regression coefﬁcient or slope) occurs in the
northeastern North Atlantic (Figure 1a; annual mean). Here SST increases more strongly with increasing
AMOC strength than in any other region of the Northern Hemisphere. The signal is advected toward the
tropics along the eastern margin of the North Atlantic via the Canary Current as already described in earlier
freshwater hosing model studies [e.g., Lohmann, 2003; Prange et al., 2004]. Despite the use of different
models and boundary conditions, maximum sensitivities of SST upon AMOC change in the northern North
Atlantic and along the eastern North Atlantic margin have also been found in previous studies [e.g., Heslop
and Paul, 2012; Ritz et al., 2013].
During boreal summer, the SST sensitivity to AMOC change is even larger in the northern North Atlantic
region than in the annual mean (Figure 1b), which can mainly be attributed to sea ice effects in winter. For a
weak AMOC (i.e., smaller than ~11 Sv), large areas in the northern North Atlantic are ice covered in winter
[Xiao Zhang et al., 2014] such that further reduction in AMOC strength does not lead to further sea surface
cooling once the freezing point is reached. This leads to a smaller SST-AMOC regression slope in winter and,
hence, in the annual mean. Apart from the North Atlantic realm, differences between the annual mean
and the boreal summer SST response are small (Figures 1a and 1b). For instance, in both cases the zero line of
the regression slope (i.e., the “seesaw’s fulcrum”) resides between 10°N and 20°N in the eastern North
Atlantic, consistent with proxy evidence [Zarriess et al., 2011].
At subsurface levels the ocean temperature response pattern to AMOC changes is very different compared
to the surface. As an example, Figure 1c shows the linear regression coefﬁcients at 300 m depth. Except
for the subtropical North Atlantic region, where the subsurface temperature response resembles the
surface signal due to advection of water masses from the northeastern North Atlantic by the subtropical
gyre, subsurface temperatures decrease (increase) with increasing (decreasing) AMOC strength everywhere
in the Atlantic Ocean. Subsurface and deep ocean warming in response to past AMOC slowdowns is evidenced
by several proxy records from the Atlantic realm [Rasmussen and Thomsen, 2004; Rühlemann et al., 2004;
Lopes dos Santos et al., 2010; Marcott et al., 2011; Schmidt et al., 2012]. In the northern North Atlantic/Nordic
Seas, the subsurface warming can be attributed to heat accumulation in these ocean layers as vertical
mixing by convection is reduced or even shut down. The subsurface signal is transmitted globally due to a
global thermocline adjustment by baroclinic waves [Huang et al., 2000; Goodman, 2001; Cessi et al., 2004;
Zhang et al., 2012], though the subsurface temperature response becomes relatively small in the Paciﬁc
Ocean. We note that subsurface warming in high northern latitudes during stadials has been suggested to
destabilize adjacent ice shelves and, thus, to trigger ice stream surges producing Heinrich events [Marcott
et al., 2011; Shaffer et al., 2004; Álvarez-Solas et al., 2011].

5. Estimating the Magnitude of AMOC Variations During MIS3
Having constructed the spatial ﬁngerprint of ocean temperature anomalies with respect to AMOC changes,
we attempt to estimate the magnitude of AMOC variations during MIS3 using SST reconstructions from
sites of highest temperature sensitivities (i.e., largest regression slopes) to AMOC changes. Apart from
being obtained in regions of highest SST sensitivity, the proxy records need to cover a substantial part of
MIS3 (with a sufﬁcient number of stadial and interstadial intervals for a reasonable statistical analysis) and
must be of sufﬁciently high resolution such that D-O stadials and interstadials can unambiguously be
identiﬁed and are captured by several data points each.
We identiﬁed four high-resolution records that fulﬁll the required criteria, clearly showing D-O cycles during
MIS3 in annual mean or summer temperature from the highly sensitive northern/northeastern Atlantic region
(Figure 1a): Irminger Sea core SO82-5 (summer SST derived from planktic foraminiferal assemblages using
Similarity Maximum Modern-Analog Technique (SIMMAX) modern analog technique transfer function;
SIMMAX is an acronym for a modern analog technique using a similarity index) [van Kreveld et al., 2000],
northeast Atlantic (eastern Rockall Trough) core MD95-2006 (summer SST derived from planktic
foraminiferal assemblage counts using artiﬁcial neural network technique) [Dickson et al., 2008], Iberian
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Figure 1. Ocean temperature changes in response to changes in annual mean AMOC strength as given by the least squares
regression slopes calculated from the equilibrium states of the set of MIS3 freshwater hosing/extraction experiments for
(a) annual mean SST, (b) boreal summer (June-July-August; JJA) SST, and (c) 300 m depth annual mean. Locations which
do not show signiﬁcant (p < 0.05) linear temperature-AMOC regression according to an ANOVA F test are white. Frames
in Figure 1a show the locations of marine sediment cores providing high-resolution MIS3 temperature reconstructions
(see text; Table 1).
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Figure 2. Annual mean AMOC strength versus annual mean or summer (JJA) SST at the four selected sediment core locations
(Figure 1) as given by the set of equilibrium states of the MIS3 freshwater hosing/extraction experiments along with linear
regression lines. States marked by gray points were excluded from the linear regression analysis. (a) Summer SST in the
Irminger Sea (SO82-5), (b) summer SST in the Northeast Atlantic (MD95-2006), (c) summer SST at the Iberian margin
(MD95-2040), and (d) annual mean SST at the Iberian margin (MD01-2444). Due to its highly nonlinear behavior, the
AMOC-SST relationship at site MD01-2444 was not considered in the estimation of MIS3 AMOC variation. Model SSTs are
taken from the nearest single grid point to the corresponding core location. All values are based on 100 year means. Bars
show the standard deviations calculated from annual or summer, respectively, values over 100 model years.

margin core MD95-2040 (summer SST derived from planktic foraminiferal assemblages using SIMMAX
modern analog technique) [de Abreu et al., 2003], and Iberian margin core MD01-2444 (annual mean SST based
on alkenone unsaturation index Uk’37) [Martrat et al., 2007]. All SST records cover the entire MIS3 except for
the record of MD95-2006 which only covers the interval 56–40 ka B.P.
Estimating the magnitude of AMOC variations using reconstructed SST changes further requires linearity of
the AMOC-SST relationship (i.e., the SST sensitivity must be independent of the AMOC state) [cf. Heslop and
Paul, 2012]. Figure 2 shows the modeled AMOC-SST relationships at the four core locations. Considering
the small amount of data points, linearity is assessed by visual inspection only. For extremely strong AMOC
states (>19–20 Sv) linearity of the AMOC-SST relation visibly disappears at all cores locations, whereas
linearity disappears for very weak AMOC (<5 Sv) at core locations SO82-5 and MD95-2006. In between, the
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Table 1. Estimated Summer SST Differences Between MIS3 Interstadial and (Non-Heinrich) Stadial States at the Three Selected North Atlantic Core Locations From
Paleothermometry, Slope of Least Squares Linear Regression of AMOC on Summer SST as Derived From the Equilibrium States of the Set of MIS3 Freshwater Hosing/
Extraction Model Experiments (Figure 2), and Estimated AMOC Variations With Uncertainties (1σ) Following From Gaussian Uncertainty Propagation
Sediment Core Number
and Location
SO82-5 (59°N, 31°W; Irminger Sea)
MD95-2006 (57°N, 10°W;
Northeast Atlantic)
MD95-2040 (40°N,
10°W; Iberian margin)

Estimated SST Difference Between Interstadial
and Stadial States From the Sediment Core (°C)

Modeled Slope of AMOC-SST
Regression (Sv/°C)

Estimated AMOC Difference Between
Interstadial and Stadial States (Sv)

4.5 ± 1.3 (summer)
6.3 ± 1.0 (summer)

2.0 ± 0.2
1.4 ± 0.1

9.3 ± 2.7
8.9 ± 1.5

5.3 ± 1.6 (summer)

2.0 ± 0.1

10.6 ± 3.2

AMOC-SST relationship is sufﬁciently linear, except for site MD01-2444, which shows a highly nonlinear
behavior throughout. We therefore decided to remove the temperature record of MD01-2444 as well as the
extreme AMOC states (marked in gray, Figure 2) from the linear regression analysis and considered only the
linear AMOC-SST regimes at the three remaining sites (SO82-5, MD95-2006, and MD95-2040). This implies that
the following estimation of stadial-interstadial AMOC changes requires interstadial AMOC strength of less than
~19 Sv during MIS3.
For each record (SO82-5, MD95-2006, and MD95-2040), we estimated a mean stadial SST and a mean interstadial
SST by taking all stadial and interstadial states in the time interval 50 ka to 30 ka B.P. into account (for the
MD95-2006 record, the shorter interval 50–40 ka B.P. was used which still provides ﬁve D-O stadial-interstadial
transitions). Uncertainties in these temperature estimates and stadial-interstadial diversity were taken into
account by calculating the standard deviations of the sets of individual stadial and interstadial temperature
estimates for each record. The calculated differences between mean interstadial and mean stadial SSTs along
with 1σ uncertainties for each record are listed in Table 1. Note that we excluded Heinrich stadials [Hemming,
2004] from our estimates of mean stadial temperatures due to their infrequent occurrence and hence poor
statistics (only Heinrich events 4 and 5 occur in the interval 50–30 ka B.P.).
Using the linearized AMOC-SST relationships (i.e., regression of AMOC on SST) from the CCSM3 experiments
at the locations of the three sediment core sites SO82-5, MD95-2006, and MD95-2040 (Figure 2), we estimate
the magnitude of AMOC changes associated with stadial-interstadial SST differences derived from the proxy
records. Table 1 summarizes the calculated regression slopes and resulting estimates for AMOC changes along
with 1σ uncertainties following from Gaussian uncertainty propagation. All three estimates are around 9–10 Sv.
Calculating a weighted mean from the three AMOC estimates and their 1σ uncertainties yields a 9.2 ± 1.2 Sv
mean difference of the AMOC strength between interstadial and (non-Heinrich) stadial states during MIS3. The
highly nonlinear response of AMOC strength to freshwater forcing [Xiao Zhang et al., 2014] further implies that
the stadial AMOC was likely weaker than 11 Sv, while the interstadial AMOC was likely stronger than 14 Sv,
according to the CCSM3 results (Figure 2).
Our estimates are based on AMOC-SST regression analyses of (quasi-)equilibrium climate states. However,
D-O stadials and interstadials are transient phenomena and sometimes do not persist longer than a few
hundred years [cf. Dickson et al., 2008]. It is therefore instructive to examine the timescale of SST adjustment
(i.e., transient behavior) to AMOC changes at the core sites. Figure 3 shows the SST and AMOC spin-up
time series for the two experiments with extreme forcing, i.e., +0.2 Sv (Figure 3a) and 0.2 Sv (Figure 3b)
freshwater forcing. All time series demonstrate a rapid adjustment of SST to AMOC changes at the core
sites on a shorter-than-century timescale. The rapid SST response at the core locations lends support to our
equilibrium climate approach to estimate stadial-interstadial AMOC variations using North Atlantic records
rather than records from southern latitudes where temperature adjustment to AMOC change may take
much longer [e.g., Schmittner et al., 2003; Knutti et al., 2004].
Although there is evidence from records of ice-rafted debris for enhanced iceberg and, hence, freshwater
ﬂuxes into the Nordic Seas during D-O stadials [e.g., Dokken and Jansen, 1999; van Kreveld et al., 2000; Elliot
et al., 2002], we note that other potential forcing mechanisms for D-O climate transitions may exist and
have been discussed in the literature [e.g., Xu Zhang et al., 2014; Peltier and Vettoretti, 2014, and references
therein]. Independent of the real D-O trigger mechanism, freshwater forcing in the present study can be
considered a pragmatic way of creating a set of different climate states.
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Keeping atmospheric greenhouse gas
concentrations ﬁxed in our simulations,
our approach of SST-based estimates
of AMOC variability neglects potential
feedbacks associated with changes
in atmospheric greenhouse gas
concentrations and, hence, longwave
radiative forcing caused by ocean
circulation changes [e.g., Schmittner
and Galbraith, 2008]. However, the
small CO2 variations associated with
non-Heinrich stadials and the following
D-O warming events are ~5 ppm or less
[Ahn and Brook, 2014] and have no
noticeable effect (i.e., less than 1 K) on
northeast Atlantic SST [Van Meerbeeck
et al., 2009]. It is therefore reasonable to
assume that the ﬁrst-order effect of
MIS3 millennial-scale AMOC variability
on North Atlantic temperatures is
directly due to changes in the large-scale
oceanic heat transport.

6. Conclusions
We have investigated the ocean
temperature response to variations in
AMOC strength by performing a
set of freshwater hosing/extraction
experiments under MIS3 (38 ka B.P.)
glacial boundary conditions using the
comprehensive coupled climate model
Figure 3. Time series of summer (JJA) SST at the three selected sediment CCSM3. The main target of this study was
core locations (see Table 1) along with annual mean AMOC strength (red) to provide a global spatial ﬁngerprint
in (a) the +0.2 Sv freshwater hosing run and (b) the 0.2 Sv freshwater
of ocean temperature response to
extraction run. Both experiments start at model year 3170 (from the
D-O-related AMOC changes and,
equilibrated MIS3 baseline run) and are integrated for 500 years each with
further, to estimate the differences in
continuous positive/negative freshwater forcing. Core numbers are indicated
AMOC strength between MIS3 stadial
on the left.
and interstadial states by combining
temperature reconstructions with model simulations. The simulations suggest the highest SST sensitivity
to AMOC changes in the northeastern North Atlantic, especially in summer. Due to the high sensitivity and
a rapid adjustment time, SST reconstructions from this region turn out to be particularly suitable for
estimating past AMOC changes. Signiﬁcant temperature responses are also found at subsurface levels.
However, the subsurface temperature ﬁngerprint could not be exploited for our purpose of estimating
MIS3 AMOC variability due to a lack of high-resolution D-O-resolving subsurface temperature records.
From three North Atlantic SST records, we could estimate a mean stadial-interstadial AMOC strength difference of
9.2 ± 1.2 Sv (Heinrich stadials excluded), provided that interstadial AMOC strength was below ~19 Sv during
MIS3. Moreover, the CCSM3 results suggest that the stadial AMOC was weaker than 11 Sv, while the interstadial
AMOC was stronger than 14 Sv. These estimates are based on one CGCM only. Besides the need for more
high-resolution surface and subsurface proxy records for the MIS3 interval, more MIS3 simulations using
state-of-the-art CGCMs are needed to better constrain this estimate. So far, only few CGCM simulations of MIS3
climate exist [Merkel et al., 2010; Singarayer and Valdes, 2010; Brandefelt et al., 2011; Gong et al., 2013; Mohtadi
et al., 2014]. Sophisticated data assimilation techniques could provide absolute numbers for AMOC strength
[cf. Kurahashi-Nakamura et al., 2014], but for MIS3, this would require a much larger glacial proxy database.
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