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Adriana Sima *, André Paul 1, Michael Schulz 2
Department of Geosciences, University of Bremen, D-28334 Bremen, Germany
Received 25 July 2003; received in revised form 26 January 2004; accepted 23 March 2004

Abstract
A box model of the North Atlantic Ocean exhibits self-sustained oscillations of the large-scale ocean circulation, which are
reminiscent of Dansgaard – Oeschger (DO)-style oscillations. The freshwater forcing of this ocean model depends on mean
climate state, represented by global ice volume. This is computed by a one-dimensional ice-sheet model, subject to changes in
high-latitude northern hemisphere summer insolation. At low/large ice volume, the ocean – ice system stays in a permanent
interstadial/stadial mode. Millennial scale DO-style oscillations result at intermediate ice-volume values, which thus define a
‘‘DO window’’. During an interglacial-to-glacial transition, this DO window is crossed sufficiently slow to allow for sustained
DO-style oscillations to develop. In contrast, during a glacial termination, the system moves relatively rapid through the DO
window, resulting in an intermittent re-appearance of DO-style oscillations, which resemble the sequence of events surrounding
the Younger Dryas (YD). When forced with modeled ice-volume evolution over the last 800 thousand years, our model predicts
Younger-Dryas-type cooling events for each major glacial termination. Accordingly, the Younger Dryas does not appear to be a
one-time event.
D 2004 Elsevier B.V. All rights reserved.
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1. Introduction
The Younger-Dryas (YD) cold spell is one of the
most prominent abrupt climate change events in the
past and a key feature of the last glacial termination. It is an intermittent, f1300-year long return to
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almost glacial conditions within a general warming
trend. At least in the Northern Hemisphere, the last
deglaciation appears as a sequence of three main
intervals: the Bølling/Allerød warm period (approximately between 14,700 and 12,900 years BP), the
YD cold phase (f12,900 –11,600 years BP) and
the warm Preboreal (after f11,600 years BP) (all
dates refer to the Greenland ice core GISP2 chronology; [1]). Although the YD event mainly affected the Northern Hemisphere, it was of global
significance (e.g. [2]).
Different hypotheses have been suggested to explain the YD ([2] for a summary). The majority of
ideas favor the ocean as a crucial element for
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generating the YD. In this view, differential meltwater input into the North Atlantic is hold responsible
for slowing down the Atlantic Ocean meridional
overturning circulation, either by re-routing Lake
Agassiz water to the St. Lawrence River [3] or by
a delayed response to the so-called meltwater pulse
1A (MWP-1A; e.g. [4,5]), which commenced approximately 1800 years prior to the onset of the YD
and culminated during the Bølling warm period
[6,7]. Berger and Jansen [8] proposed a variation
on this general theme in that they consider the
Bølling/Allerød warm period as an intermittent state,
triggered by the wasting of marine-based ice sheets
around the North Atlantic Ocean, and the YD as a
mere return to glacial conditions.
The rerouting hypothesis [3] faces the difficulty
that the thermohaline circulation in the North Atlantic
prior to the onset of the YD was relatively strong and
probably harder to destabilize than originally suggested by coarse resolution models [9]. When assuming a meltwater-induced triggering of the YD, the
immediate problem is to explain the time lag between
MWP-1A and the onset of the YD. Furthermore, the
northern hemisphere origin of MWP-1A is still questionable (e.g. [10]), making this meltwater input as
trigger for the YD even more unlikely. From experiments with an Earth system model of intermediate
complexity, Crucifix and Berger [11] also concluded
that there was probably no direct link between MWP1A and the initiation of the YD.
Based on the methane record in the Antarctic
Vostok ice core for the past 420 kyr [12], Broecker
[13] argued that the YD appeared to be a one-time
event and not a general feature of glacial terminations.
However, the time resolution of the Vostok methane
record is on the order of 1000 –2000 years before the
penultimate interglacial [12] and therefore prevents
any unambiguous detection of YD-type events.
In contrast to the supposition of a one-time event,
paleoceanographic reconstructions show some evidence for cold events similar to the YD during five
terminations preceding Termination I [14]. More recently, Lototskaya and Ganssen [15] identified a
‘‘Termination II pause’’ which separated the penultimate deglaciation into two steps. Sea-level reconstructions from coral data [16] even suggest a return to
colder conditions associated with a regrowth of continental ice during Termination II. Thus, the YD may

not be a singular event, but an intrinsic feature of
glacial terminations.
Here we propose an alternative mechanism to
account for the YD and similar earlier events, which
does not depend on meltwater input into the North
Atlantic. We approach the YD from the Northern
Hemisphere point of view and elaborate on an idea
put forth by Schulz et al. ([17], hereafter SPT). We
consider the trigger of the YD to reside in the ocean,
and envision the YD cold phase as part of one cycle of
a so-called deep-decoupling oscillation of the Atlantic
Ocean meridional overturning circulation. Such a
cycle may occur during any termination when the
mean climate passes through an intermediate state,
between glacial maximum and interglacial.
Deep-decoupling oscillations [18 – 21] can be
caused by a continuous freshening of the North
Atlantic Ocean, which leads to the development of a
polar halocline and eventually suppresses the formation of North Atlantic Deep Water. During this ‘‘deepdecoupled phase’’, the meridional circulation and
oceanic heat transport are reduced. The subsequent
import of heat and salt by advection and diffusion
weakens the stratification and finally destroys the
polar halocline. The renewal of convection in high
latitudes marks the onset of a ‘‘deep-coupled phase’’,
with active deep-water formation and vigorous meridional overturning circulation and heat transport.
The reestablishment of the halocline then completes
a ‘‘deep-decoupling oscillation’’. From the abruptness
of the transitions, deep-decoupling oscillations are
reminiscent of the millennial-scale climate variability
documented in the Greenland ice cores [22]. Following [19], we interpret the deep-decoupled phases as
Dansgaard – Oeschger (DO)-stadials and the deepcoupled phases as DO-interstadials.

2. Methods
To study deep-decoupling oscillations of the meridional overturning circulation in relation to DO
oscillations, we use a combination of ice-sheet and
ocean modeling. With the help of a one-dimensional
ice-sheet model, we generate a history of glaciation,
which, in turn, is used to modulate the low-to-highlatitude freshwater forcing in an ocean box model.
Finally, we compare the model results to a reconstruc-
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tion of global sea level and to the oxygen-isotope
composition of Greenland ice.
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Table 1
Parameters of the one-dimensional ice-sheet model
Symbol

Description

Value

Units

2.1. Ice-sheet model

x
t

independent
variable
independent
variable
prognostic
variable
prognostic
variable
500 southward
of 70jN, 500
northward of
74jN, linear
ramp between
70j and 74jN
550

m

The one-dimensional coupled ice-sheet-bedrock
model (after [23,24]) considers only the Laurentide
ice sheet, which dominated ice-volume variations
during the late Pleistocene (cf. [25]). Ice thickness
and bedrock elevation are computed as functions of
latitude and time along a typical flow line through
the ice sheet, such that a north – south profile is
approximated.
Ice flow is described by a vertically integrated
continuity equation for ice thickness:

north – south
distance
time

Bhi
BðŪ hi Þ
þ B  C;
¼
Bx
Bt

hb(x,t)
heq
b (x,t)

0
hequ

ð1Þ
sequ

where hi is ice thickness and Ū is the vertically
averaged horizontal velocity (see Table 1 for symbols
and parameter values). The first term on the righthand side represents internal ice shear or basal sliding
at the ice-bed interface. We compute Ū as:


 Bðhi þ hb Þ n1 Bðhi þ hb Þ


;
Ū ¼ Ahnþ1
i


Bx
Bx

B
C

n

9
if hi þ hb  hequ V 1500 m >
=
if hi þ hb  hequ

kins

A

where hb is the bedrock elevation above sea level. Net
annual mass balance B on the ice surface is derived
using the equilibrium-line concept, as follows [26,23]:
8
2
>
< aðhi þ hb  hequ Þ  bðhi þ hb  hequ Þ
B¼
>
:
0:56

hi(x,t)

>
;
> 1500 m

 m year1 :

The equilibrium-line elevation is assumed to depend linearly on latitude and insolation variations:
hequ ¼ h0equ þ sequ x þ kins DQ
where DQ is the difference in the caloric summer
insolation at 55jN [27] from that of the present.
Fourier coefficients for computing the Earth’s orbital
elements are taken from Berger [28]. The term C in
Eq. (1) represents catastrophic calving. It is set to 20
m yr1 at any grid point of the ice sheet if its base is
below sea level (hb<0) and if the grid point or one of
its neighbouring points has floating ice (qihi<qwhb).

a
b
s
qi
qb

ice-sheet
thickness
bedrock elevation
above sea level
equilibrium bedrock
elevation above
sea level

altitude of
equilibrium
line at 70jN
slope of
equilibrium line
proportionality factor
for equilibrium-line
elevation
mass balance on
ice surface
calving rate
ice rheology
coefficient
ice rheology
exponent
coefficient in
mass balance
coefficient in
mass balance
timescale of
bedrock relaxation
ice density
bedrock density

yr
m
m
m

m

0.001
35.1

m W1 m2

prescribed
(see text)
20 if ‘floating’
(see text)
5.77104

m yr1
m yr1
1

m3 yr

3
1

0.81103

yr

0.30106

m1 yr

5000

yr

910
2390

kg m3
kg m3

1

The calving instability does not introduce ice-age
terminations, but amplifies them [23].
Bedrock adjustment is computed from a ‘‘local
lithosphere-relaxed asthenosphere’’ model [29] with
a characteristic time constant s:
Bhb 1 eq
q hi
h  hb  i ;
¼
s b
Bt
qb
where hb is the bedrock elevation above sea level, hbeq
is the equilibrium bedrock elevation above sea level,
qi the ice density and qb the bedrock density. In the
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direction normal to the flow line, no ice-sheet dynamics is computed, but a perfectly plastic profile symmetric to the ice-sheet crest is assumed [30]. This
enables us to compute a three-dimensional ice-volume
from the two-dimensional cross-sectional area of the
ice sheet.
Ice volume is converted to sea level taking into
account the total sea surface and the ratio of seawater
and ice densities. Thus, we equate 1 m of sea level
with 4.0911014 m3 of ice.
The resulting ice equivalent sea-level variations are
multiplied by a factor of 1.6 to match the sea level at
the Last Glacial Maximum (LGM) [31]. In this way,
we account for the continental ice not represented in
our model (e.g. the Eurasian ice sheet). In accordance
with Peltier [25], a f60% contribution of the Laurentide ice sheet to the total sea level at LGM is
therefore assumed.

in the surface boxes are constant with Tl=15 jC and
Th=0 jC. The temperature in deep box (Td) and
salinities (S) in all boxes are computed. Mixing Mij
between boxes i and j occurs at timescale sij such that
Mij =dij/sij, where dij is the exchange-area-weighted
distance between box centers (sld=shd=400 yrs and
slh=5 yrs). Using a quadratic equation of state, Mhd is
increased by a factor Ch=10 if the high-latitude water
column is gravitationally unstable; else Ch=3 is adopted to account for partial shutdown of multiple convection sites.
As in SPT, we assume a linear relationship between
the high-latitude net surface freshwater flux ( Fw) and
ice-equivalent sea level (Sl): Fw=a+bSl, with a=
0.5015 m yr1 and b=4.5103 yr1. We stress that
sea level is envisaged here as a measure of the mean
climate state. Our hypothesis that the high-latitude net
surface freshwater flux is enhanced during glacials is
based on the following factors:

2.2. Ocean model
The three-box model of the North Atlantic Ocean
(Fig. 1) is based on Winton [19]. We use the same
parameters as in SPT. The height of the two surface
boxes is h=100 m and that of the deep box is H=1000
m. The boundary between low- and high-latitude
surface boxes is associated with the subpolar front in
the Atlantic Ocean. The northern box represents
regions in which deep convection and deep-water
formation take place (i.e. the subpolar North Atlantic
and Norwegian –Greenland Seas at present). All the
boxes have a longitudinal extent of 60j. Temperatures

Fig. 1. Three-box model of the North Atlantic Ocean (after [19]).
Each box is characterized by temperature (T) and salinity (S).
Subscripts ‘l’ and ‘h’ denote low- and high-latitude boxes and ‘d’
the deep box. Mij is the mixing between boxes i and j. Fw is the lowto-high-latitude freshwater flux (see text for further details).

1.
2.
3.
4.

Reduction of evaporation.
Southward shift of the storm-track.
Melting of sea ice.
Melting of icebergs in regions of seasonal sea-ice
cover.
5. Increased runoff from European rivers, which carry
meltwater from snow and from the southern margin
of the ice sheets.
All these processes are directly or indirectly related
to the presence of large ice sheets in the Northern
Hemisphere and have been quantified for the LGM.
Factors 1 to 3 were made responsible for the increase
in freshwater flux in the latitudinal belt between 40j
and 60jN during the LGM [32]. Schmittner et al. [33]
found that it was mainly factor (1) that caused the
reduced thermohaline circulation in their simulation of
the LGM. Factors 4 and 5 were inferred by Duplessy
et al. [34] from the distribution of oxygen isotopes of
planktonic foraminifera in the northern North Atlantic
Ocean, especially in the Bay of Biscay and the Nordic
Seas. Melting of icebergs and ice sheets (cf. factors 4
and 5) is usually not taken into account in climate
models. We assume that the effect of the enhanced
high-latitude freshwater flux on the buoyancy flux
outweighs the effect of the high-latitude cooling,
leading to reduced deep-water formation in the North
Atlantic. Since the focus of this study is on the
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generation of YD-type events, the parameterization of
Heinrich events employed by SPT is not used here.

3. Results
The modeled ice-equivalent sea level is shown in
Fig. 2. It exhibits glacial – interglacial cycles of about
100-kyr period, characterized by slow build-up and
rapid decay of ice. The state of the ocean box model is
determined by the modeled variations of the ice
volume via the relationship between Sl and Fw. At
low values of the freshwater forcing ( Fw), the model
stays in a permanent interstadial phase, while high
values of Fw result in a continuous stadial phase (Fig.
3, see also SPT). For intermediate values of Fw, the
model exhibits free oscillations which are reminiscent
of DO-cycles (Fig. 4). The ‘‘strong’’-convection phase
represents a DO interstadial and the ‘‘weak’’-convection phase characterizes the DO stadial mode. The
latter mode is also considered as surrogate for the
LGM state in our model. Although this assumption is
in accordance with the common interpretation of
paleoceanographic proxy data (summarized in [35]),
these data may actually be insufficient to constrain the
LGM circulation [36]. DO-style oscillations occur for
Fw values between 0.704 and 0.875 m yr1. This
‘‘DO window’’ (Fig. 3) corresponds to a sea-level
range of 45 to 83 m, consistent with the earlier
findings [37,38]. Within the DO window, the duration
of the stadials increases with rising Fw (SPT).
When forced with the modeled ice-volume evolution, the predicted climate oscillations during the last

Fig. 3. Period of the oscillation in the ocean model as function of
freshwater flux Fw (dots). Ratio between durations of ‘‘warm’’ and
‘‘cold’’ phases decreases with increasing Fw , as indicated by square
waves (not to scale). The Fw range in which oscillations occur
defines the DO window. It is slowly crossed during the transition
from interglacial to glacial conditions, and more rapidly during
glacial terminations.

glacial period show structural similarities with the
reconstructed climate fluctuations (Fig. 5). Before
f75 kyr BP, the ice-equivalent sea level is above the
upper limit of the DO window, so the ice – ocean
system stays in the interstadial (warm) mode. Between
f75 and 70 kyr BP, sea level slowly crosses the DO
window, giving rise to a sequence of three stadial –
interstadial oscillations. Between f70 and 60 kyr BP,
sea level drops below the lower limit of the DO

Fig. 2. Modeled ice equivalent sea-level (thick line) and sea-level reconstruction of Berger et al. ([31], thin line). A linear trend was subtracted
from the reconstructed sea level to account for a long-term warming trend affecting the underlying oxygen isotope data [31]. Roman numerals
denote terminations.
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Fig. 4. Free deep-decoupling oscillation in the ocean box model for
a constant freshwater flux of 0.75 m/yr.

category (DO window-crossing time of 1.9 –2.2 kyr)
and Terminations III, VI, VIII and IX in the second
(DO window-crossing time of 2.4– 3.2 kyr) (Fig. 6).
An interesting situation arises for Termination V,
which is known to be associated with weak orbital
forcing [39]. Correspondingly, the DO window is
crossed extremely slow (12.5 kyr in our simulation;
Fig. 6), leading to a long sequence of DO-style
oscillations. Indeed, a sequence of three benthic
d13C minima, each indicating a time interval with
reduced deep-water production in the North Atlantic
Ocean, was found by Poli et al. [40] during this
termination.

4. Discussion
window, so that DO-style oscillations cannot occur
anymore and the system enters a permanent stadial
state. At about 60 kyr BP, sea level returns into the DOwindow and a more than 30-kyr-long oscillation sequence develops, only briefly interrupted around f48
kyr BP. This interruption gives the impression of a very
long interstadial, in close resemblance with the proxy
data. After f27 kyr BP, the ice volume becomes again
too large to allow DO-style oscillations to develop and
the system enters once again the permanent cold state.
At f18 kyr BP, the last deglaciation begins. During
this glacial termination, the DO window is crossed
within f2.5 kyr, so that a single DO-style oscillation
cycle occurs. This results in a succession of events
similar to the Bølling/Allerød – YD – Preboreal sequence. At about 12 kyr BP, with the sea level reaching
the upper limit of the DO window, the model marks the
entering of a permanent warm state, corresponding to
the Holocene.
The same model setup, when applied to the entire
late Pleistocene, predicts YD-type events during each
of the nine major terminations (Fig. 6). If, during a
glacial termination, the DO window is crossed within a
time interval comparable to the period of the deepdecoupling oscillation, only a single cycle will occur.
Accordingly, the deglaciation proceeds in two warming
steps, separated by one cold YD-style cooling event. In
contrast, if the DO window is crossed within a longer
time interval, more than one oscillation can develop.
Our model setup allows for two- and three-step
terminations, including one or two YD-style cooling
events. Terminations I, II, IV and VII fall in the first

Modeled ice-equivalent sea-level variations are in
good agreement with the sea-level reconstruction of
Berger et al. ([31]; Fig. 2). In particular, the ice-sheet
model realistically simulates the 100-kyr cycles,
which dominated the late Pleistocene (cf. [23]). We
have chosen to compare the ice-model derived sea
level to the Berger et al. [31] reconstruction since it
contains only variability at orbital timescales (as does
the model) and is sufficiently long to evaluate the
model performance over the entire late Pleistocene.
Berger et al. [31] adopted a value of 117 m for sea
level at the LGM in their reconstruction. More recent
estimates are slightly lower and amount to about 125
m (e.g. [41,42]). However, choosing a different value
for the sea level at LGM would only lead to different
scaling parameters in the Fw – Sl relationship, but
would not change the essence of our results.
The calving mechanism embodied in Eq. (1) yields
the typical sawtooth shape with nine complete deglaciations during the past 800 kyr. During calving
episodes, the simulated meltwater discharge reaches
values up to 0.2 Sv. Because we aim at generating
YD-type events independent of deglaciation meltwater input (see Introduction), this additional freshwater
flux is not taken into account in computing Fw.
Compared to the reconstruction, the phasing and
relative amplitude of the modeled sea-level is remarkably good over the whole investigated period. An
exception is Marine Isotope Stage 11 (423 –362 kyr
BP); our model fails to reproduce a full deglaciation in
this interval, mainly due to the weakness of the inso-
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Fig. 5. Modeled climate events during the last glacial period. (A) GISP2 oxygen-isotope record, which largely reflects air-temperature above
Greenland [22], band-pass filtered (STP). (B) Upward heat flux at high latitudes. (C) Modeled ice-equivalent sea level. Note that, due to the
inertia of the climate system, overshoots in heat flux do not necessarily reflect similar anomalies in temperature.

Fig. 6. Modeled climate oscillations during the past 800 kyr. (A) Upward heat flux at high latitudes. (B) Ice-equivalent sea level. Vertical bars
mark glacial terminations and horizontal bar depicts DO window. Younger Dryas-type cooling events occur during all deglaciations.
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lation forcing (the ‘‘stage 11 problem’’, [39]). With the
same kind of model, Pollard [23] succeeded in reproducing a strong transition from isotope stages 11 to 12.
In that study, a diffusive method was chosen for the
asthenospheric treatment. However, there exist serious
problems with this approach (e.g. the characteristic
response time increases with the size of the load, in
contradiction to results from a more sophisticated fullEarth model), hence, we employed the relaxed asthenosphere method, which seems preferable [29].
The appearance of the DO-style climate oscillations depends on the interaction between the period of
the free oscillations and the timescale at which the
mean climate (as measured by ice-volume equivalent
sea level), and hence, Fw, changes. During an interglacial-to-glacial transition, the DO window is
crossed within f50 kyr, which is sufficiently slow
to allow sustained DO-style oscillations to develop. In
contrast, during a glacial termination, the system
moves relatively rapid (few kyr) through the DO
window. This results in an intermittent re-appearance
of DO-style oscillations, including one or two YDtype cooling events. A better fit of the timing of
modeled oscillations to the proxy data during the last
glacial period (Fig. 5) could possibly be achieved by
choosing a different relationship between Fw and
mean climate state, as measured by Sl. However,
we consider such fine tuning as unwarranted within
our conceptual model framework, which aims at
qualitative agreement between simulation and data.
The assumed linear relationship between mean climate and high-latitude freshwater flux gave a sequence of events in accordance with the
paleoclimate record. We note, however, that deepdecoupling oscillations could also be induced by
glacial cooling: Winton [43] showed that an ocean
model can exhibit oscillatory behavior within a certain range of global mean temperature, even if freshwater forcing is held constant. Accordingly, there is
possibly a DO window in temperature as well as in
freshwater flux, resulting in a two-dimensional region
in parameter space. This might influence a particular
termination, but would not alter our general finding
that the ocean – ice system intermittently oscillates as
it rapidly passes through a DO window during glacial
terminations.
The proposed mechanism is not mutually exclusive
with meltwater-related scenarios. In fact, rerouting of

meltwater from the Mississippi River drainage to the
Hudson or St. Lawrence Rivers [3] may amplify the
deep-decoupling oscillations during deglaciations.

5. Conclusions
Based on an idealized, prescribed ice-volume evolution, Schulz et al. [17] suggested that the YoungerDryas event results from an intermittent re-start of selfsustained oscillations of the large-scale oceanic circulation. Instead of prescribed ice-volume variations, we
use a modeled ice-volume history generated by a onedimensional coupled ice-sheet-bedrock model, which
yields a reasonable representation of the 100-kyr
cycles that dominated the late Pleistocene. Considering the major glacial terminations during the past 800
kyr, the Younger-Dryas cold phase appears not as a
one-time event or an ‘‘accident’’ of the last termination. On the contrary, Younger Dryas-type events seem
to be an intrinsic feature of climate change during
glacial – interglacial cycles. They can be conceived as
Dansgaard – Oeschger stadials which are part of short
Dansgaard – Oeschger oscillation sequences. Such a
sequence may occur during any deglaciation, when
the mean climate returns to an intermediate state and
rapidly crosses the parameter range in which DOoscillations are possible. Depending on how fast the
deglaciation process develops, a glacial termination
can occur in two or three steps separated by one or two
YD-type cold phases.
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